[1] We present results of Lagrangian troposphere-to-stratosphere transport (TST) in the tropics based on trajectory calculations for the period 1979-2001. The trajectories and corresponding temperature histories are calculated from wind and temperature fields provided by the reanalysis data ERA-40 of the European Centre for Medium-Range Weather Forecasts (ECMWF). The water vapor mixing ratio of air entering the tropical stratosphere is calculated from the minimum saturation mixing ratio over ice encountered by each trajectory. We show that this Lagrangian approach, which considers the global-scale to synoptic-scale dynamics of tropical TST but neglects mesoscale dynamics and details of cloud microphysics, substantially improves estimates of stratospheric humidity compared to calculations based on Eulerian mean tropical tropopause temperatures. For the period 1979-2001 we estimate from the Lagrangian calculation that the mean water mixing ratio of air entering the stratosphere is 3.5 ppmv, which is in good agreement with measurements during the same period, ranging from 3.3 ppmv to 4 ppmv, whereas an estimate based on an Eulerian mean calculation is about 6 ppmv. The amplitude of the annual cycle in water vapor mixing ratio at a potential temperature of 400 K in the tropics estimated from the Lagrangian calculation is compared with measurements of water vapor from the Halogen Occultation Experiment (HALOE). For the period 1992-2001, when HALOE measurements and ERA-40 data overlap, we calculate a peak-to-peak amplitude of $1.7 ppmv, in good agreement with $1.6 ppmv seen in HALOE data. On average, the Lagrangian calculations have a moist bias of $0.2 ppmv, equivalent to a warm bias of the Lagrangian cold point of about 0.5 K. We conclude that the Lagrangian calculation based on synoptic-scale velocity and temperature fields yields estimates for stratospheric water vapor in good agreement with observations and that mesoscale and cloud microphysical processes need not be invoked, at first order, to explain annual mean and seasonal variation of water vapor mixing ratios in the tropical lower stratosphere.
Introduction
[2] Since the pioneering work of Brewer [1949] , it is widely accepted that air enters the stratosphere primarily in the tropics. Brewer based his conclusions on the observed dryness of the midlatitude stratosphere, which could be explained only if air was freeze-dried at the extremely low temperatures at the tropical tropopause. The observation of an annual cycle of water vapor mixing ratio in the lower tropical stratosphere in phase with the annual cycle of tropical tropopause temperatures, whose signal slowly propagates upward due to the Brewer-Dobson circulation (the ''tape recorder'' [Mote et al., 1996] ), lends further support to the view that stratospheric water vapor is controlled by tropical tropopause temperatures. However, Newell and Gould-Stewart [1981] pointed out that even at the tropical tropopause the annual and zonal mean temperatures are too high to explain measured stratospheric water vapor mixing ratios. They suggested that air must cross the tropopause at times and locations where it is coldest, and identified the region of the maritime continent during northern hemispheric winter and the Bay of Bengal and India during northern hemispheric summer. They coined the term ''stratospheric fountain'' for the suggested enhanced vertical flux through the tropopause at these locations. Holton and Gettelman [2001] pointed out that horizontal advection of air through the coldest regions rather than enhanced vertical motion in those regions, could resolve the discrepancy between esti-mates and measurements. Alternative hypotheses suggested an important role of convectively generated cirrus as ''dehydration engines'' [Danielsen, 1982] , or that deep, overshooting convection could inject air into the tropopause region which is drier than expected from the saturation mixing ratio of the surrounding synoptic-scale temperature field [Danielsen, 1993; Sherwood and Dessler, 2000] .
[3] Recently, we have shown that estimates of water vapor mixing ratios of air entering the stratosphere based on trajectory calculations using operational analysis data for a few selected seasons are low enough to be in good agreement with measurements [Bonazzola and Haynes, 2004; Fueglistaler et al., 2004] . Here we extend this approach to the period 1979 -2001 . We show that the full four-dimensional synoptic-scale temperature history (as represented in the 40-year reanalyses data ERA-40 of the European Centre for Medium-Range Weather Forecasts [Simmons and Gibson, 2000] ) of air rising to the stratosphere yields estimates of stratospheric water vapor that are in good agreement with observations for the entire period 1979 -2001.
Method
[4] We use ERA-40 data for the time period 1979 (beginning of satellite observations) to 2001 (end of record) to calculate back trajectories based on the four-dimensional wind fields. Trajectories are initialized at 400 K potential temperature (in the lower stratosphere) between 30°S and 30°N, every 2°in longitude and latitude, and then followed backward in time over 3 months. Trajectories that can be traced back to the troposphere (here defined as the region below 340 K) constitute the ensemble of trajectories that are used to evaluate the characteristics of tropical troposphereto-stratosphere transport (TST). Figure 1 schematically shows how we evaluate TST, the water vapor mixing ratio it carries into the stratosphere, and the way we relate our results to measurements (see also section 3).
[5] Trajectories were initialized at the end of each month, yielding 12 sets per year for 23 years. Prior to trajectory calculation with the tool LAGRANTO [Wernli and Davies, 1997] the ERA-40 wind and temperature fields (from 45°S to 45°N) were resampled on a 1°Â 1°grid. Advantages and shortcomings of this method are described in detail by Bonazzola and Haynes [2004] and Fueglistaler et al. [2004] . Here we briefly summarize the main characteristics. The three-dimensional advection is limited by the accuracy of the 6-hourly wind fields of the ERA-40 data. A first important point, generic to this sort of study, is that even with very accurate velocity field data it would not be feasible to follow individual real back trajectories over a period of three months. However, it is feasible to follow ensembles of back trajectories and to infer the statistical properties of real atmospheric transport. A second point, peculiar to tropical studies, is that it is likely that in the ERA-40 data very deep convective transport is underestimated, and horizontal wind fields in the tropics are probably poorly constrained, with implications both for individual trajectories and for the ensemble. The limited horizontal resolution at T157 (approximately 1°/1°in longitude/latitude) also limits the local accuracy of temperature, and can be seen as a representation of the synoptic-scale temperature field, which slightly overestimates the temperature at local temperature minima. On the other hand, the high vertical resolution in the vertical with 60 levels, 3 of which are located at approximately 113 hPa, 96 hPa and 82 hPa around the tropopause, should allow for a reasonable representation of the temperature minimum at the tropical tropopause. An analysis of the temperature difference between the minimum temperature on the fixed pressure grid and the true cold point with typical temperature profiles in the tropics obtained from the SHADOZ network [Thompson et al., 2003 ] yields differences of less than 1 K, and typically even less than 0.5 Kelvin (data not shown). This is also confirmed by a comparison with published results from radiosonde temperature data (shown below). A comparison of our previously published results for 1998, 1999 and 2001 obtained with trajectory calculations based on operational ECMWF analysis data and those based on ERA-40 data shows that the temperature minima along trajectories obtained in the ERA-40 case are 1-2 K higher. This difference is consistent with a known temperature difference between operational analysis data and ERA-40 data from 1997 onward. We cannot assess with any certainty here which data set is more accurate. The ERA-40 data, however, show better agreement with radiosonde temperatures for this period than the operational analyses [Simmons, 2003] . From the late 1980s onward there is generally good agreement between ERA-40 temperatures and radiosonde temperatures at the tropical tropopause. In contrast, prior to the late 1980s ERA-40 temperatures have Figure 1 . Schematic of method. Variations in lightness of blue color in stratosphere symbolize water vapor mixing ratio (the ''tape recorder''). Stratospheric circulation follows Holton et al. [1995] . Trajectories rising from below 340 K potential temperature to 400 K (the TST ensemble, in blue) determine the water vapor mixing ratio at entry into the stratosphere ([H 2 O] e ). Trajectories entering the tropical tropopause region sideways (yellow) are initialized with climatological water vapor mixing ratios characteristic of their origin and contribute to the tropical mean water vapor mixing ratio at 400 K ([H 2 O] T400 , green). The red area indicates the region where trajectories take up their final water vapor mixing ratio (the Lagrangian cold point, symbolically shown as white crosses). Simultaneous measurements of water and methane (symbolized by the balloon) allow the deduction of a mean [H 2 O] e . a cold bias compared to radiosonde [Simmons, 2003 ], a point we will return to in the discussion of the results. Overall, temperatures are expected to have uncertainties of order 1 Kelvin, which is about 5 times less than both the amplitude of the annual cycle of zonal mean, and the amplitude of zonal anomalies of tropical tropopause temperatures. Thus, while the various potential problems with the ERA-40 data set in the tropics need to be taken into account when interpreting results, it is arguably the currently best available data for the purpose of this study.
[6] For trajectories rising from the troposphere to the stratosphere the water vapor mixing ratio at 400 K is assumed to be the minimum of the saturation mixing ratio over ice (c H2O,ice sat (t), where t is time) encountered along that trajectory. The mean water vapor mixing ratio of air at entry into the stratosphere ([H 2 O] e ) is then the average of the mixing ratios of the TST trajectories, i.e.,
where c H2O min min(c H2O,ice sat (t)). The location of the minimum saturation mixing ratio will henceforth be referred to as the Lagrangian cold point (strictly speaking this is the ''dry point,'' but under atmospheric conditions actually encountered the saturation mixing ratio is dominated by the temperature dependence). The Lagrangian cold point is not generally coincident with any conventional cold point, in the sense of the location of lowest temperature in a given vertical temperature profile.
[7] The assumption that [H 2 O] e is equal to the minimum saturation mixing ratio encountered during ascent neglects cloud microphysical aspects such as the ice nucleation barrier and efficiency of sedimentation. Arguments that the effects of these simplifications are not too severe are as follows. First, in the real atmosphere smaller-scale waves which are not resolved in the ERA-40 temperature field are ubiquitous. These additional temperature perturbations would help to overcome the nucleation barrier, and also lower the minimum saturation mixing ratio encountered during ascent. Second, in a detailed modeling study, Jensen and Pfister [2004] showed that sedimentation out of tropical cirrus clouds is usually an efficient process. It may be that our calculations more seriously overestimate the dehydration efficiency of the thinnest cirrus clouds at the tropical tropopause. However, their water content is very small ($0.1 ppmv [Peter et al., 2003] ) and thus affect the water budget of TST only a little. Our study should be seen as a test whether saturation mixing ratios derived from synopticscale temperatures, which involves simplifications that could at least partially cancel, are a good approximation to estimate stratospheric water vapor mixing ratios resulting from tropical TST. The main improvement of our Lagrangian calculation over other studies that relate stratospheric water vapor and tropical tropopause temperature is that the trajectories give us the geographical and temporal ''weighting'' to be applied to the Eulerian temperature field.
[8] As well as estimating the ''entry value'' [H 2 O] e , we may also estimate the average water vapor mixing ratio ([H 2 O] T400 ) that would be measured on the 400 K potential temperature surface in the tropics. The trajectory calculations allow us to separate tropical TST from extratropical lower stratospheric air masses that entered the tropical region sideways (the yellow trajectories in Figure 1 ). Following Fueglistaler et al. [2004] , we take account of the latter by setting the mixing ratio for back trajectories that did not participate in tropical TST with values from a seasonally varying climatology at their origin (c H2O clim ), typically the midlatitude lower stratosphere. This climatology, shown in Figure 2 , is based on zonally averaged monthly mean water vapor mixing ratios measured by the Halogen Occultation Experiment (HALOE version 19) [Russell et al., 1993] for three latitude bands (50°S-45°S and 45°N-50°N for the midlatitudes, and 30°S-30°N for the tropics) in the period 1992-2001. The climatologies are calculated for several potential temperature surfaces by the fitting of seasonal harmonics (with periods of 12, 6, and 3 months), as suggested by Randel et al. [1998] .
[9] Upon arrival in the tropics at 400 K, this air originating from the extratropics either has the climatological water vapor mixing ratio c H2O clim (e.g., if it followed the solid yellow arrow in Figure 1 ) or the minimum saturation mixing ratio encountered (e.g., if it followed the dashed yellow arrow in Figure 1 ), whichever is lower. The mean water vapor mixing ratio of only these air masses at 400 K in the tropics ([H 2 O] s ) may be written as
Finally, the mean water vapor mixing ratio in the tropics at 400 K may then be expressed as
where f TST is the fraction of trajectories undergoing TST, a quantity we will discuss below. The fraction f TST of course is also a function of the time that trajectories are traced backward. Experiments where we traced trajectories for a full year (data not shown) show that within a year, about 90% of the air at 400 K in the tropics can be traced back to the troposphere. Air masses that remained for several months in the lower stratosphere were found to attenuate the [10] As a consequence of the aforementioned uncertainties in ERA-40 temperatures, we refrain here from using the TST calculations to estimate possible multidecadal trends in stratospheric humidity [Rosenlof et al., 2001] 
Results
[11] Before proceeding to compare our results with measurements, a short discussion of those measurements and how they are affected by the stratospheric circulation and chemical processes is required (see also Figure 1 ). Upon entry into the tropical stratosphere, air is transported upward and poleward by the Brewer-Dobson circulation and by isentropic stirring [e.g., Plumb, 2002] . During transport in the stratosphere, methane is oxidized to water (1 molecule of methane yields $2 molecules of water), adding typically about 1.5 ppmv water before the air reaches the midlatitude middle stratosphere [e.g., Zöger et al., 1999] . From measurement of stratospheric methane and water vapor mixing ratios and a given methane mixing ratio of air entering the stratosphere (which is well known from tropospheric measurements [e.g., Dlugokencky et al., 1998]) , it is then possible to infer the water vapor mixing ratio at entry into the stratosphere. Here we compare our calculations for [H 2 O] e with results from the space-borne Atmospheric Trace Molecule Spectroscopy (ATMOS) measurements in 1985, 1992, 1993 and 1994 as provided by Michelsen et al. [2000] , and with results from balloon-borne measurements in the Arctic vortex in winter 1991/1992 [Engel et al., 1996] and at a midlatitude site in 1993 [Zöger et al., 1999] .
[12] Estimates of [H 2 O] e based on measurements in the extratropics represent an average of air with a distribution of ''stratospheric age.'' For the midlatitude middle stratosphere, this age spectrum shows a median of 2 -3 years, and a long tail, yielding a mean age of about 4 -5 years, whereas the polar regions have a mean age of 5 -6 years [Waugh and Hall, 2002] . For simplicity, we compare the measurements with the mean of our estimates for the 4 years prior to observation. The results and our conclusions presented here do not critically depend on this simplification.
[13] Figure 3 shows the mean water vapor mixing ratio at 400 K over selected periods where measurements are available and the annual cycle of water vapor mixing ratios of the periods 1979 -2001 and 1992 -2001 . Since the vertical mass flux of water across the tropopause is modulated not only by its water vapor mixing ratio, but also by the mass flux into the stratosphere, we also calculate annual mean water vapor mixing ratios where the monthly mean values are weighted with the mass flux across the 100 hPa surface of the corresponding month in the tropics, as estimated by Holton [1990] .
Mean Water Vapor Mixing Ratios of Air Entering the Tropical Stratosphere
[14] Figure 3a shows measurements and mean model estimates for the periods of the corresponding measurement. The estimated mean [H 2 O] e for the period 1979 -2001 is 3.5 ppmv, and 3.3 ppmv when the weighting by the strength of the stratospheric circulation is taken into account. The stronger stratospheric circulation during boreal winter lowers the annual mean of [H 2 O] e by about 0.2 ppmv also for each of the shorter periods considered (i.e., 1983-1985, 1989 -1992, 1990 -1993, 1991 -1994, and 1992-2001 [Engel et al., 1996] and in 1993 [Zöger et al., 1999] yield [H 2 O] e = 3.61 ± 0.28 ppmv and [H 2 O] e = 3.9 ± 1ppmv. For all these periods, our estimates agree very well with measurements and always lie within reported uncertainties. However, we note a systematic moist bias in [H 2 O] e in our model calculations. The moist bias of our calculations that take the weighting by the strength of the stratospheric circulation into account with respect to the ATMOS measurements is about 0.2 ppmv for all measurements in the 1990s. The agreement with the balloon-borne measurements is slightly better, but the large uncertainties of the measurement by Zöger et al. [1999] prevent further conclusions. Thus, for the period where we have most confidence in the ERA-40 temperature data (from late 1980s onward), we get a moist bias of $0.2 ppmv, whereas for the 1980s where temperatures likely have a cold bias, we get almost perfect agreement. The latter must be considered fortuitous inasmuch as the cold bias in the synoptic temperature field apparently compensates processes not taken into account in our calculations.
Annual Cycle
[15] The annual cycle of calculated [H 2 O] e (Figure 3b , blue line) shows a minimum during boreal winter of $2.5 ppmv and a maximum of $5 ppmv during boreal summer, following the annual cycle of zonal mean tropical tropopause temperatures. For comparison we show the Eulerian average of minimum saturation mixing ratios between 10°S and 10°N (black solid lines in Figures 3b and 3c ). This Eulerian calculation is based on the ERA-40 temperature data interpolated from the vertical model levels to constant pressure levels at 100, 90 and 80 hPa, and the tropical mean refers to the tropical average of the coldest (and hence driest) pressure level at each horizontal model grid point, and not to a constant pressure level. In order to reduce the amount of data, the temperature fields were averaged over 5 days. The effect of averaging temperatures over a few days prior to calculating the saturation mixing ratio leads to a small dry bias due to the nonlinearity of the Clausius-Clapeyron equation. At typical tropical tropopause conditions, this effect is small (of order 0.2 ppmv) when compared to the difference between Lagrangian and Eulerian calculation. Note first that our Lagrangian estimates of [H 2 O] e refer to the 400 K potential temperature surface, and thus lag the temperature field at the tropopause by about 1-2 months, as seen by the phase shift between the black (Eulerian) and blue (Lagrangian) lines in Figures 3b and 3c . Note also that the annual cycle exhibited by the Eulerian calculation has annual mean ($6 ppmv) and peak-to-peak amplitude ($4 ppmv) that are much larger than that from the Lagrangian calculation. As discussed above, the cold point temperature may not be precisely captured on the finite pressure grid of the ERA-40 data, resulting in a moist bias in the Eulerian calculation. If we apply a correction of DT = À1 K, which is considered an upper limit based on the comparison with SHADOZ temperature profile measurements discussed earlier, the annual mean and amplitude of the annual cycle of the implied [H 2 O] e (black dashed line) are still much larger than the Lagrangian estimate. Only if we artificially lower the ERA-40 temperatures by DT = 3 K (black dash-dotted line), which exceeds expected uncertainties of temperatures, does the annual mean value and amplitude of the annual cycle come close to the values of the Lagrangian calculation. Further, the climatological means of minimum saturation mixing ratios of radiosonde measurements in the tropics presented by Seidel et al. [2001] (their Figure 5d , shown here as the black line with circles in Figure 3b) show good agreement with the uncorrected ERA-40 calculations. This further demonstrates the high quality of the ERA-40 temperatures at the tropical tropopause, and that the effect of the discrete pressure levels on the Eulerian calculation is small. We note that the Eulerian estimate of the annual cycle from ERA-40 and that from the radiosonde-based calculation appear to have a slight phase shift, and that the latter shows a small positive kink in February not seen in the former. An analysis of these differences is beyond the scope of this paper, but might be worth a closer look in the future.
[ Figure 3a ) and the peak-to-peak amplitude of the annual cycle is $1.7 ppmv. The comparison with HALOE measurements (for the time period 1992 -2001, shown in Figure 3c , solid red line) shows that the annual mean and peak-to-peak amplitude of the annual cyle of the Lagrangian calculation for [ Figure 3a ) than observed by HALOE. Figure 3c further reveals a phase shift between model calculation (green line) and observation (red line), with the model calculations preceding the HALOE measurements by about 1 month.
[18] The phase shift between model calculations and observations is likely caused by incorrect vertical transport in the trajectory calculations. Weinstock et al. [2001] estimate the mean ascent time from 375 K to 390 K to be about 20 days, and Andrews et al. [1999] estimate for the tropics mean ages of 2-3 months at 420 K relative to 390 K. Thus we expect a mean age at 400 K relative to the Lagrangian cold point (at $372 K; see Table 1 ) of about 2 months. The trajectories, however, rise from their Lagrangian cold point to 400 K in 20-25 days (see Table 1 ), such that the mean age at 400 K in the Lagrangian calculation is about 1 month too young. It is a known problem that the Brewer-Dobson circulation in the ERA-40 data is too strong, and consequently the stratospheric age spectrum is too young [Simmons, 2003; van Noije et al., 2004] . Furthermore, Schoeberl et al.
[2003] have shown that age spectra in the lower stratosphere calculated from trajectories defined by analyzed wind fields are adversely affected by excessive vertical dispersion.
[19] We therefore consider the phase shift between model calculation and observation to be mainly caused by a problem affecting the trajectories after they pass their Lagrangian cold point, and a simple shift of the calculated green curve by one month suffices to significantly improve the agreement with observation. It is difficult to assess to what extent an improved vertical velocity field would also change the properties of the Lagrangian cold point. Given the otherwise good agreement between model calculations and measurements, we consider the quality of tropical TST as represented by the trajectory calculations shown here as sufficient for the purpose of this study. That notwithstanding, excessive vertical dispersion is an important issue for any studies of transport in the tropical tropopause region and lower stratosphere and needs serious consideration in the future.
[20] The small moist bias of the Lagrangian calculation of stratospheric water vapor mixing ratios is likely the result of processes affecting the water vapor mixing ratio not reflected in our calculations. HALOE measurements may have a slight dry bias when compared to other measurements [World Meteorological Organization, 2000] , and their limited vertical resolution of about 2 km could attenuate the observed annual cycle [Randel et al., 2001 ], although recent model calculations suggest that this effect may be small (B. Randel, personal communication, 2004 T400 . Finally, we note that the moist bias may also be in part a consequence of the overestimation of vertical ascent. Increasing the vertical transit time by a factor two to account for the phase shift The average time to rise from the Lagrangian cold point to 400 K is denoted as t, and f TST is the percentage of trajectories that form the TST ensemble.
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[21] Overall, we find that the consideration of the globalscale dynamics of tropical TST to estimate stratospheric water vapor based on the Lagrangian cold point yields results in good agreement with measurements, and greatly reduces the discrepancy between measurements of stratospheric humidity and estimates based on Eulerian mean tropical tropopause temperatures by a factor 10 from $2.5 ppmv to $0.2 ppmv. Thus, while the actual physical processes leading to condensation and removal of water by sedimentation occur on the mesoscale, and even microscale, the results shown here suggest that the net effect of all these processes on a global scale on [H 2 O] e is well described by the saturation mixing ratio of the Lagrangian cold point based on synoptic-scale fields, and processes on the mesoscale may provide the second-order correction to resolve the remaining small moist bias.
Characteristics of the Lagrangian Cold Point
[22] Table 1 summarizes the properties of the Lagrangian cold point of tropical TST (which can, in a figurative sense, be interpreted as the ''recording head'' of the tape recorder) according to season. As discussed, Table 1 shows that the mean ascent times from the Lagrangian cold point to 400 K ranges from 20 to 26 days, about a month shorter than expected. Despite this deficiency, the mean ascent time shows an annual cycle with a maximum during boreal summer which is qualitatively consistent with the annual cycle of the strength of the Brewer-Dobson circulation. The fraction of trajectories that can be traced back to below 340 K (the TST ensemble) also shows a weak annual cycle, indicating that sideways transport from midlatitudes into the tropical lowermost stratosphere is stronger during boreal summer than winter.
[23] The annual cycle of the Lagrangian cold point temperature and potential temperature is shown in more detail in Figure 4 , together with the Eulerian tropical mean of ERA-40 temperatures at 100 hPa (period 1990 -2001) and the tropical mean cold point and 100 hPa temperatures from radiosonde measurements as provided by Seidel et al. [2001] . The ERA-40 Eulerian mean temperatures and Lagrangian cold point temperatures refer to the period 1990 -2001, the data for the entire period 1979-2001 is very similar, but slightly colder (about 0.25 K) as a result of the previously discussed cold bias of ERA-40 tropical tropopause temperatures prior to the late 1980s. Although the radiosonde and ERA-40 100 hPa temperatures do not refer to the same period, the two climatological means agree well. The Lagrangian cold point temperature is always lower (typically about 2.5 K) than the Eulerian cold point given by the radiosonde data, and their annual cycles are very similar. In contrast, the potential temperature of the Eulerian and Lagrangian cold points show a very different behavior over the course of the year (Figure 4b) . The potential temperature of the Eulerian tropical cold point shows an annual cycle, with a maximum of 378 K in February and a minimum of 374 K in October. This annual cycle results from the annual cycle of pressure of the Eulerian cold point, which shows a maximum during boreal summer that overcompensates the effect on potential temperature of the generally higher temperatures during this season (the potential temperature of a fixed pressure level below the tropopause shows an inverse behavior [e.g., Seidel et al., 2001] ). The Lagrangian cold point is on average about 4 K lower in potential temperature than the Eulerian cold point, and shows a pronounced semiannual cycle. The horizontal transport of air masses during ascent into the stratosphere through regions with a horizontal temperature gradient is responsible for the systematically lower (in potential temperature and height) Lagrangian cold point, such that the coldest point experienced by an air parcel along a trajectory is often not coincident with the coldest point of the profile at the air parcel's location. This led Bonazzola and Haynes [2004] to the notion of a ''cold point layer'' (symbolically shown by the red area in Figure 1 ). Figure 4c shows two measures for the horizontal variability of temperatures at the tropical tropopause. The standard deviation from the tropical mean, monthly mean 100 hPa temperature (solid line) and the temperature difference between the location of highest and lowest monthly mean temperature at 100 hPa (dashed line) in the tropics both show a semiannual cycle, with minima in horizontal variability during May and September. The semiannual cycle in the Lagrangian cold point potential temperature thus reflects the semiannual cycle in the spatial homogeneity of tropical tropopause temperatures, with the minimum during boreal summer being lower than the minimum during boreal winter as a consequence of the annual cycle in potential temperature of the tropical (cold point) tropopause.
[24] Figure 5 shows seasonal contour maps of the distribution of two characteristic locations defined by tropical TST trajectories superimposed on Eulerian composite fields for the corresponding seasons. The composite fields shown are the temperature and horizontal wind field interpolated to 90 hPa, close to the tropical tropopause. Note the annual cycle in temperatures, as well as the spatial pattern of the temperature field. The latter shows a strong influence of the Matsuno-Gill type planetary-scale wave response to localized heating in the tropical troposphere [Matsuno, 1966; Gill, 1980] . Red contour lines show the density of locations where TST trajectories irreversibly pass 340 K, which is taken as representative for the location of the convective event that lifted the air mass above the level of net radiative heating at approximately 360 K potential temperature [Fueglistaler et al., 2004; Gettelman et al., 2004] . Although due care should be used when interpreting the red contour lines as the ECMWF velocity fields almost certainly represent convective transport poorly, we find that these locations are in general agreement with the spatial distributions of deep convection derived from, for example, cloud top brightness temperatures [Gettelman et al., 2002] . Black contour lines show the density of locations where the trajectories encounter their lowest water saturation mixing ratio over ice, i.e., the Lagrangian cold point. It is difficult to directly assess the accuracy of the density field of the Lagrangian cold point by measurements. Although every Lagrangian cold point necessarily implies a cloud at this point, one cannot directly compare the maps of its spatial and temporal density with cloud statistics near the tropopause. Cloud statistics encompass every cloud occurrence, whereas the Lagrangian cold point only refers to the last cloud formed in an air mass prior to its entry into the stratosphere. Nevertheless, although not strictly comparable, the spatial density of the Lagrangian cold point is very similar to the global maps of high cloud occurrence as provided by, for example, Wang et al. [1996] from SAGE II measurements.
[25] Both Lagrangian density fields were shifted in time such that the time of the Lagrangian cold point is approximately synchronous with the time of the Eulerian tropopause fields. Consequently, when studying Figure 5 , it should be kept in mind that the red density fields precede the other fields by a few weeks (i.e., the time elapsed from passing 340 K to passing the Lagrangian cold point). It is evident that tropical TST efficiently ''samples'' regions of lowest temperatures. However, this results not from a strong ''fountain'' through the tropopause but from the combination of (1) colocation of regions of lowest tropopause temperatures and regions of strong vertical transport into the tropopause region, apparently associated with regions of frequent deep convection, such as the western Pacific, and (2) the effect of upper level monsoon circulations which advect air near the tropopause through regions of lowest temperatures [Hatsushika and Yamazaki, 2003; Fueglistaler et al., 2004; Bonazzola and Haynes, 2004] .
[26] The wind fields near the tropical tropopause shown in Figure 5 provide an impression of typical transport pathways during ascent from 340 K (red contour lines) to the Lagrangian cold point (black contour lines). For example, during boreal summer air emanating from convection over northern India and the Tibetan plateau is advected by the upper level monsoonal anticyclone toward the cold anomaly situated north of the equator extending from the Arabian peninsula to Indochina, where these trajectories then often encounter their Lagrangian cold point.
[27] During all seasons, the western Pacific plays a leading role both for transport across the 340 K isentrope in connection with convection as well as for determining the water vapor mixing ratio of tropical TST. Hence, in our calculations the conditions over the western Pacific determine to a large degree the amount of water entering the stratosphere. This is supported by the analysis of Randel et al. [2004] , who correlate water vapor anomalies in the tropics at 82 hPa with temperature anomalies of tropical radiosonde measurements, and find highest correlations with stations in the western Pacific. In addition to the western Pacific region, the Indian monsoon system stands out during boreal summer both as source for tropical TST and as a region that controls the water vapor mixing ratio of a substantial fraction of tropical TST. Thus, while over much of the year the mean Lagrangian cold point of tropical TST is largely controlled by conditions over the western Pacific (here used to refer to the tropical region spanning from $100°E to $150°W), the moisture flux into the stratosphere during boreal summer is controlled by two systems of approximately similar importance, one of which (the Indian monsoon system over the Indian subcontinent and southeast Asia) is substantially shifted to the north of the equator.
[28] A complete description of this 23-year climatology of pathways of tropical TST is beyond the scope of this paper, but is the focus of a publication in preparation. A detailed description of the pathways of tropical TST from a trajectory perspective, though restricted to a few seasons only, is given by Bonazzola and Haynes [2004] and Fueglistaler et al. [2004] , and Hatsushika and Yamazaki [2003] show results from trajectory calculations using an atmospheric general circulation model. Hatsushika and Yamazaki [2003] and Bonazzola and Haynes [2004] note, in particular, a significant shift of the controlling region away from the western Pacific during El Nino years.
Summary and Outlook
[29] We have presented trajectory calculations in the tropics based on ERA-40 data to estimate stratospheric water vapor mixing ratios. We have shown that saturation mixing ratios calculated from synoptic-scale temperature fields around the tropical tropopause provide a very good first-order estimate for stratospheric water vapor mixing ratios as observed by various balloon and satellite measurements, provided the four-dimensional flow field and the associated distribution of Lagrangian cold points is considered rather than any Eulerian mean measure of the temperature field at the tropical cold point tropopause. On the basis of the Lagrangian cold point, we calculate a mean water vapor mixing ratio of air entering the stratosphere [H 2 O] e of about 3.5 ppmv and a peak-to-peak amplitude of the annual cycle of water mixing ratios in the tropics at 400 K [H 2 O] T400 of about 1.7 ppmv for the period 1979 -2001, in good agreement with measurements. In contrast, calculations based on the Eulerian mean of tropical cold point tropopause temperatures yield a mean water vapor mixing ratio of about 6 ppmv and a peak-to-peak annual cycle of about 4 ppmv. This climatology of 23 years of tropical TST shows that the Lagrangian cold point is controlled to a large degree throughout the year by the atmospheric conditions over the western Pacific (approx. 100°E to 150°W). Only during boreal summer the monsoon system over the Indian subcontinent and southeast Asia exerts a similar control on the moisture flux into the stratosphere.
[30] The estimates of stratospheric moisture based on the Lagrangian cold point have a remaining mean moist bias of about 0.2 ppmv, equivalent to a systematic bias in temperature of DT % 0.5 K. The inclusion of mesoscale temperature perturbations not considered in our synoptic-scale calculations may resolve this bias. An apparent phase shift between calculations and measurements of water vapor mixing ratios in the tropics at 400 K of about one month is likely caused by a too young age spectrum of air in the model calculations. ERA-40 data is known for a too strong stratospheric circulation, and kinematic trajectories tend to be vertically too dispersive, such that the transit time from the Lagrangian cold point at approximately 372 K to 400 K is too short in the model calculations. We expect that calculations with better vertical wind fields would resolve the phase shift. It is uncertain to what degree improved vertical wind fields would also modify the calculated properties of the Lagrangian cold point of tropical TST, and hence change predictions of stratospheric water vapor concentrations. Improvement of vertical wind fields and exploitation in calculations of the type we have shown here is therefore a high priority for the future.
[31] These uncertainties notwithstanding, the good agreement of our calculations with measurements provides strong support for the hypothesis that the net effect on global mean [H 2 O] e of the mesoscale and microphysical processes that control tropical convection, cloud formation and sedimentation, is well described by the saturation mixing ratio of tropical TST at the Lagrangian cold point based on synopticscale fields.
[32] We have refrained from presenting calculations of decadal-scale trends because of concerns of a bias in the ERA-40 temperatures prior to the late 1980s. However, the analysis of model calculations for years with reliable temperature data may provide important insight into processes controlling interannual variability of [H 2 O] e , and is the subject of a separate manuscript in preparation.
[33] Finally, we would like to point out the need for a comprehensive theory on the control of tropical tropopause temperature and circulation, encompassing tropospheric and stratospheric processes. In particular, as previously discussed by Highwood and Hoskins [1998] , the role of the stratospheric Brewer-Dobson circulation for temperature and circulation at the tropical tropopause needs to be assessed and put into relation to the role played by the tropospheric convection and its spatial organization leading to the Matsuno-Gill pattern [Matsuno, 1966; Gill, 1980] and the monsoon systems. Of particular interest is the sensitivity of tropical tropopause conditions to the stratospheric QuasiBiennial Oscillation, and to interannual variability of the monsoon systems and ENSO. Only when all the processes affecting the tropical tropopause are understood on a quantitative basis will it be possible to provide reliable predic-tions for the state of this ''gate to the stratosphere'' in a changing climate.
